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Abstract 
 

One of the most prominent tectonic features of the Eastern Mediterranean region 

is the Hellenic volcanic arc in the Southern Aegean Sea, with the Santorini Island 

being one of the most active volcanic centers. Recent seismic studies show that the 

main seismic activity of the Santorini volcanic center is strongly associated with the 

volcanic processes, as well as with the seismo-tectonic regime of the broader 

Southern Aegean Sea area. The main cluster of local seismicity is located near the 

north-eastern edge of the Santorini Island, beneath the Coloumbo Reef, which is a 

submarine volcanic seamount of the Santorini Island volcanic system. 

The P and S wave velocity structure of the Santorini – Coloumbo volcanic system 

is studied by inverting travel-times of local earthquakes recorded by two independent 

dense seismic arrays installed in the broader area of Santorini islands during the 

period September 2002 – September 2005. In particular, 137 local earthquakes with 

1600 P-phases and 1521 S-phases recorded by 25 seismological stations have been 

selected for the inversion. The inversion technique applied is non-linear, since three-

dimensional ray tracing is incorporated. The reliability of the final tomographic 

results is demonstrated through resolutions tests using synthetic seismic data. 

The obtained results confirm the strong variations of the P and S wave velocity 

structure in the area of Santorini – Coloumbo volcanic system, as well as the 
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connection between the tectonic setting of the study area with the magmatic processes 

taking place beneath the two volcanoes. The tomographic models show that a low-

velocity zone extends along the north-eastern edge of the Santorini Island, parallel to 

the “Kameni – Coloumbo” fracture zone (NE – SW direction), which corresponds to 

the western termination of the major ENE – WSW Santorini – Amorgos Fault Zone. 

Evidence is presented that this structural lineament corresponds to a tecto-volcanic 

fracture zone, which probably links the volcanic center of Santorini with the 

submarine volcano at Coloumbo Reef. Furthermore, the tomographic results show 

that the magmatic chamber beneath the Coloumbo volcanic seamount is located at the 

depth of 6-7 km in good agreement with recent independent studies in the area. 

 

Keywords: Santorini volcanic center; Aegean Sea; Seismic tomography; Non-linear 

inversion; 3-D velocity structure; Low-velocity zone. 

 
 

1. Introduction 
 

The volcanic center of Santorini Island is one of the most active volcanoes of the 

southern Aegean volcanic arc. The volcanic arc is a major geo-tectonic feature of the 

Aegean Sea subduction system, resulting from the convergence between the African 

oceanic lithosphere and the Eurasian continental lithosphere. In particular, the 

northern part of the eastern Mediterranean plate subducts under the overriding Aegean 

micro-plate, at a rate of ~3.5 – 4.0 cm/yr, leading to the formation of an inclined 

Benioff seismic zone down to the depth of about 150 – 200 km (Papazachos and 

Comninakis, 1971; McKenzie, 1972; McClusky et al., 2000; Meier et al., 2004; 

Papazachos et al., 2000; Papazachos et al., 2005). 

Recent seismic studies in the broader area of Santorini volcanic center show that 

the main seismic activity of this area is strongly associated with the tectonic regime, 

as well as with the volcanic processes (e.g., Bohnhoff et al., 2004, 2006; Dimitriadis 

et al., 2005, 2009; Hensch et al., 2008). In particular, the local seismicity is mainly 

located near the north-eastern edge of the Santorini Island, at the Coloumbo 

seamount, a submarine volcano that has a well defined 1500-meter-wide crater, a 

crater rim as shallow as 17 meters and a crater floor ~500 meters below the sea level 
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(Perissoratis, 1995; Francalanci et al., 2005; Sigurdsson et al., 2006). In contrast, the 

main caldera of the Santorini volcano is characterized by the absence of seismicity 

(Dimitriadis et al., 2005, 2009; Bohnhoff et al., 2006; Hensch et al., 2008). 

Furthermore, these studies concluded that the seismic activity in the area of Santorini 

– Coloumbo volcanic system follows an ENE – WSW direction along the Santorini – 

Amorgos Ridge. The intense activity at Coloumbo area is in good agreement with the 

recent marine surveys that show an intense hydrothermal activity with fluid 

temperatures greater than 200o, in comparison to the corresponding low-level activity 

of the Santorini caldera (fluid temperatures ~ 15-20o) (Sigurdsson et al., 2006). 

Neotectonic and structural field observations show that the Coloumbo area and the 

northern Santorini volcanic center is dominated by a NNW – SSE extensional stress 

regime that produces a major fault zone of NE – SW strike (approximately 350 – 400). 

This zone is called “Kameni – Coloumbo” fracture zone (Fytikas et al., 1990; 

Vougioukalakis et al., 1995; Mountrakis et al., 1996) and coincides with the 

alignment of the volcanic centers. In particular, several fault sites have been studied in 

the north-eastern edge of Thera Island at Cape Coloumbo area, which exhibit intense 

strike-slip and normal faulting in a NE – SW trending zone. A major dextral strike-

slip fault zone of NE – SW strike (approximately 350 – 400) confines the deformation 

zone to the southwest, while smaller normal faults of NE – SW strike (approximately 

400 – 700) belong to the same zone. In addition, the dykes present along the caldera 

walls in the north-eastern part of the caldera follow the same alignment of NE – SW 

direction, in agreement with a dominant extension of NW – SE direction (Fytikas et 

al., 1990; Mountrakis et al., 1996). 

Focal mechanisms and stress tensor inversion results (Dimitriadis et al., 2009) 

show that the cluster of the earthquakes at the Coloumbo volcano is strongly 

associated with the “Kameni – Coloumbo” fracture zone (NE – SW direction), which 

corresponds to the western termination of the major ENE-WSW Santorini – Amorgos 

Fault Zone. Moreover, a ~200 – 300 rotation of the local stress field was observed with 

respect to the NNW-SSE regional extension field of the southern Aegean Sea 

(Dimitriadis et al., 2009) (Figure 1). 

In the present study travel times of local earthquakes recorded by two temporary 

networks installed in the broader area of Santorini Islands are used to determine the 3-

D P and S velocity structure of the Santorini – Coloumbo volcanic system. The results 

are interpreted with respect to the geological structure, the local tectonic setting and 
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the magmatic processes of the area under study, which is one of the most active 

volcanic systems in the Eastern Mediterranean region. 

 

2. Travel time data 
 

The data used in the present work are the P and S arrival times from local 

earthquakes recorded by two independent dense seismic arrays installed in the area of 

Santorini islands during the period September 2002 – September 2005. 

The first seismic array used was a local network consisting of fourteen (14) 

seismological stations, equipped with three-component broadband seismometers, 

which was deployed on the Santorini islands. Ten stations have been installed on the 

main island (Thera Island), two stations on the smaller island of Thirasia and two 

stations on the newly formed intra-calderic islands of Palaea and Nea Kameni (open 

triangles in Figure 1). The average distance between the fourteen broadband stations 

was of the order of 3 km. This temporary seismic array was in operation between the 

end of March 2003 and the beginning of September 2003. During this time period, 

159 best-located earthquakes were recorded in the area under study (Dimitriadis et al., 

2009). 

The second seismic array used was the CYCNET temporary seismological 

network, which was a 22-station network installed in the broader Cyclades area 

between September 2002 and September 2005 (Bohnhoff et al., 2006). In order to 

discern the events recorded in the broader area of Santorini – Coloumbo volcanic 

system, we only used stations which were installed on the Santorini complex and on 

islands surrounding it. In particular, stations installed on west Amorgos Island 

(AMOW), on Anaphe Island (ANAF), on Ios Island (IOSI), on Anydros islet (ANID) 

and six stations installed on the Santorini islands (NEAK, SANC, SANN, SANS, 

SANT, THIR) were used (black squares in the Figure 1). Furthermore, recordings 

from a few OBS (Ocean Bottom Seismometers) stations installed in the Santorini – 

Amorgos area during the period January – March 2005 were also employed (black 

squares in the Figure 1). In total, 378 best-located earthquakes were recorded during 

the period September 2002 – September 2005 in the area under study, which satisfy 

the following conditions: RMS travel time error ≤ 0.5 s, number of used phases ≥ 7, 
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ERH (minimum horizontal error) ≤ 8 km, ERZ (minimum depth error) ≤ 8 km, 

minimum epicentral distance ≤ 30 km and azimuthal gap ≤ 3500. 

In order to create a unique database of P and S arrival times, earthquakes recorded 

by both arrays were selected, resulting in an initial data set of 409 local earthquakes 

with 3742 P-phases and 3528 S-phases recorded at 35 stations. In Figure (1) the 

distribution of the selected epicentres is presented. It is clear that the main cluster of 

the seismic activity is located near the north-eastern edge of the Santorini Island, at 

the Coloumbo seamount. Moreover, a very low seismicity level is observed under the 

main caldera of the Santorini volcanic center during the same time period. 

Furthermore, a small cluster of events near the Anydros islet is located in a direction 

almost along the main tectonic feature of the area under study, the Santorini – 

Amorgos Fault Zone (NE – SW direction) (Figure 1). 

The initial target of the present work was to study the P and S wave 3-D velocity 

structure for the entire tectonically active area between the Santorini complex and 

Amorgos Island (Figure 1), including the Coloumbo volcanic seamount along with the 

islands of Anafi and Ios. Preliminary results using P and S velocity travel-times from 

~250 earthquakes recorded at 35 seismological stations showed extremely 

inhomogeneous seismic ray coverage. This was mainly due to the fact that most 

seismological stations were situated at the south-western part of the area (Santorini 

complex) and most earthquakes occurred along the Santorini – Amorgos zone, 

resulting in seismic rays following a dominant NE – SW direction. Resolution tests 

verified the impact of this poor data coverage on the obtained results. For this reason, 

a sub-region has been selected (36.585-36.3200Ν and 25.580-25.3150Ε), which 

includes only the Santorini complex and the Coloumbo seamount (area denoted by the 

solid line box in Figure 2), in order to determine a 3-D P and S velocity structure of 

the main Santorini – Coloumbo volcanic system. 
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Figure 1: Epicenters of the 409 local best-located events recorded by two local arrays 

operating in the broader Santorini area between mid2002-mid2005. Open triangles correspond 

to temporary seismological stations installed on Santorini Islands, while the black squares 

show the CYCNET stations from which data have been also used (see text for details). The 

dashed ellipse denotes the position of the Coloumbo seamount. The focal mechanisms of the 

two large earthquakes of 1956 (M = 7.5 and M = 6.9), along with the horizontal projection of 

the corresponding T-axis and the main active faults (modified after Perissoratis, 1995; 

Mountrakis et al., 1996; Perissoratis and Papadopoulos, 1999; Pavlides and Valkaniotis, 2003, 

Piper et al., 2004) are also depicted, together with the estimated average focal mechanism for 

the Coloumbo earthquakes (large grey beach ball) and the local stress orientation (large grey 

arrow) derived by Dimitriadis et al. (2009). 
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The final data set used for the tomographic inversion consists of 137 local 

earthquakes with 1600 P-phases and 1521 S-phases recorded at 25 seismological 

stations. Furthermore, the results from a double-difference relocation procedure were 

used, in order to have optimal initial focal parameters for these earthquakes. The 

relocation procedure is based using a modified version of the computer program 

HYPO-DD (Waldhauser, 2001) which employs the double-difference earthquake 

relocation algorithm (Waldhauser and Ellsworth, 2000; Waldhauser, 2001) and re-

weights the residual double-difference threshold differently, depending on the type of 

phase used (P or S) (Dimitriadis et al., 2009). The distribution of the epicenters of the 

relocated events is shown in Figure (2), along with the recording stations used in the 

inversion. 

 

 
 

Figure 2: Epicenters of the 137 selected relocated local events (red circles) employed 

for tomography. The area for which a 3-D model was computed is denoted with the solid line 

box, while triangles denote the recording stations used. 
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Figure 3: Histograms of the relocation parameters (focal depth, RMS, ERH, ERZ, 

number of P and S phases) for the 137 selected local events used in the inversion procedure. 

 

The total length of seismic rays that sample the study area was approximately 

50000 km. Most events are shallow with depths less than 10 km, RMS travel time 

error less than 0.5 s and hypocentral errors (ERH and ERZ) less than 0.5 km. 

Furthermore, most earthquakes employed in the tomographic procedure had more 

than 10 phases (see histograms in Figure 3). 
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3. Inversion procedure 
 

The inversion procedure used in this study is based on the original method of 

travel-time inversion of local earthquakes, as proposed by Aki and Lee (1976). 

According to their approach, the travel-time residual can be expressed as a function of 

the perturbations of the earthquake’s hypocentral parameters and slowness of the 

model. A linear system of equations is derived: 

 

= Δ + ΔR H h P u      (1) 

 

where R is the travel-time residuals vector, H and P are the hypocentral and slowness 

Jacobian (derivative) matrices, and, Δh and Δu are the hypocentral and slowness 

corrections vectors, respectively. It is possible to write equation (1) as a single linear 

system of the form: 

 

=R Ax      (2) 

 

Despite the fact that the linear system of equation (2) is theoretically over-

determined (usually more data than unknowns), the inadequate sampling of certain 

model sections due to poor ray coverage, the linearization of the travel-time function, 

as well as the data errors lead to non-uniqueness and/or instability, hence it is not 

possible to obtain a simple least-squares solution for this linear system. The typical 

approach is to consider additional constraints and minimize an appropriate model 

norm (e.g., Crosson, 1976; Thurber, 1983). In this study we used the approach 

proposed by Papazachos and Nolet (1997a, b) for the solution of this equation. 

According to this approach, equation (2) is modified as follows: 

 
1/2 1/2 1/2z d− −=xd dC AC C     (3) 

 

0zλ =Ι      (4) 
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where Cd is the covariance matrix of the data, d, Cx is the a priori estimate of the 

covariance matrix (usually diagonal) of the model, x, and λ is a constant which 

regulates the strength of our additional minimum norm (damping) constraints. 

In this approach, the final solution is given by the following equation: 

 
1/2x z= xC      (5) 

 

where, 1/ 2
xC , is a diagonal matrix which contains our preliminary estimate of the 

square root of the a priori model covariance matrix (expected model variability), in an 

attempt to reduce relative errors in the final solution (Papazachos and Nolet, 1997a). 

For the model configuration, the earth is embedded in a rectangular grid of nodes 

and the slowness at each point is calculated by trilinear interpolation (Thurber, 1983). 

A grid consisting of 2431 P and S velocity nodes was defined, with a horizontal and 

vertical grid spacing set to 2 km. The specific grid size was selected to be slightly 

smaller that the typical size of the resolved anomalies, as is later presented. The 

Cartesian geometry simplifies all computations, especially those concerning the 3-D 

ray tracing, though a small number of nodes lies outside the earth. 

A three-dimensional ray tracing technique was applied in this study, namely the 

revised bending algorithm proposed by Moser et al. (1992). In this approach, rays are 

represented by beta splines (generalized B-splines), which are defined by support 

points. A conjugate gradient method is used to optimize the distribution of these 

points in order to minimize the travel time. This method is fully three-dimensional 

and shadow areas (due to low-velocity zones) where diffracted arrivals may to be first 

arrivals do not pose any problems to the algorithm (Wielandt, 1987; Papazachos and 

Nolet, 1997a). 

The most important problem for ray bending is that if the starting ray is far from 

the global minimum, a secondary arrival may be determined. For this reason, the 

initial paths of the rays used have been derived from graph theory, using a 

modification proposed by Moser (1991). The graph theory methods systematically 

search in a network of nodes for the shortest path to a specific point. A significant 

limitation of this theory is that the accuracy of this method depends on the density of 

nodes and the angular discretization imposed by the grid (Moser, 1991; Papazachos 

and Nolet, 1997b). 
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4. Data processing 
 

Several studies (e.g., Spakman, 1988; Kissling et al., 1994) have demonstrated the 

importance of the background 1-D model for tomographic purposes, especially in 

non-linear inversions where the geometry of rays in the initial 1-D model critically 

influences the final results. For the background 1-D model we used the local velocity 

model proposed by Dimitriadis et al. (2009) for the area of Santorini – Coloumbo 

volcanic system, which has been determined by a 1-D inversion of local seismic 

phases, using a large number of starting models. Since the data set used for the 

determination of this model consists of earthquakes which mostly occurred at depths 

between 2 and 9 km, the corresponding 1-D velocity model has a relatively poor 

resolution for very shallow depths. Moreover, the near-vertical incidence of rays close 

to the surface limits the control of the shallow velocity structure. Hence, it is possible 

that the estimated P-velocities for the surface layers (~ 0–2 km) are biased (e.g. 

overestimated, Dimitriadis et al., 2009). 

Since the additional model norm minimization usually employed in tomographic 

inversion is based on the assumption that the perturbations of the derived parameters 

(slowness, earthquake locations) follow a normal distribution, it is necessary to have a 

priori estimates of the variations of each parameter. On the basis of the accuracy of 

the hypocentral estimations of the area under study (see histograms in Figure 3), the 

values of 0.3 s for the origin time, 2 km for the horizontal and 4 km for the vertical 

direction were adopted for the a priori standard errors. For the slowness, SP and SS the 

values of 0.03 s/km and 0.05 s/km were used, respectively, based on the previously 

published tomographic results for the crust and uppermost mantle of the broader 

South Aegean Sea area (Papazachos and Nolet, 1997a). 

Furthermore, several damping coefficients, λ, were tested with real and synthetic 

data (presented later) and the value of 2 was finally used, slightly larger than the 

theoretical value of 1 (Franklin, 1970), which is valid if our a priori estimates for the 

data and model covariance matrices are correct. However, since neither the model 

perturbations, nor the travel-time residual distribution is completely Gaussian, the use 

of larger values is often necessary to stabilize inversion results, in order to ensure the 

robustness of the solution to travel-time outliers. 
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Due to the large number of unknowns, the final inversion (solution of equation 2) 

was solved with LSQR (Paige and Saunders, 1982). Since a non-linear approach was 

adopted, after each LSQR iteration matrix A was recomputed using the three-

dimensional bending ray tracing algorithm and the new linear system was repeatedly 

solved until no significant misfit change was observed. 

 

 
(a) (b) 

Figure 4: (a) Plot of the misfit reduction for the three non-linear iterations versus 

LSQR steps. Note the increase of the misfit (arbitrary units) between iterations. (b) Plot of the 

model (P and S slowness perturbation) norm for the three non-linear iterations versus LSQR 

steps. 

 

The inversion was performed in 3 iterations. At each iteration, the maximum 

number of steps in LSQR (linear steps) was determined empirically (~35 steps), when 

both the misfit and the P- and S-velocity perturbation norms did not show significant 

variation. Figure (4a) shows the variation of the misfit for each LSQR step, while 

Figure (4b) shows the P and S slowness model norm for each iteration. Between two 

successive iterations a misfit increase is observed (Figure 4a), due to the non-linearity 

of the problem, in accordance with various tomographic studies and synthetic tests 

(e.g. Sambridge, 1990; Papazachos and Nolet, 1997b). This jump is simply the 

expected difference between linear (end of each iteration) and non-linear (start of next 

iteration) misfit estimation (Tarantola, 1987). This pattern suggests that LSQR should 
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be stopped in advance from mathematical convergence, since most of the model 

anomaly has been retrieved and additional iterations usually lead to an increase of the 

true, non-linear data misfit (Papazachos and Nolet, 1997b). 

 

5. Resolution tests 
 

Before presenting the final results, the resolution of the obtained tomographic 

images needs to be evaluated. Since no direct information about the resolution and 

covariance of the final solutions can be obtained when using a generalized conjugate 

gradient method such as LSQR, only tests with synthetic data can provide some 

insight on the solution quality. On the other hand, formal estimates of error and 

resolution often underestimate errors in the results (e.g. Lees and Crosson, 1991). 

Moreover, the main advantage of synthetic tests is that they provide an overall 

estimation of the effect of not only data quality but also model parameterization and 

damping on the solution quality (Kissling et al., 2001). 

In the present study, we have chosen to perform “checkerboard” tests (Spakman, 

1988; Humphreys and Clayton, 1988; Papazachos and Nolet, 1997a). In particular, 

several “checkerboard” tests have been performed using a sinusoidal perturbation of 

various wavelengths and a 40% peak amplitude (RMS anomaly amplitude ~28%), 

which corresponds to a usual anomaly amplitude for a volcanic system area (e.g. see 

the detailed compilation of Lees, 2007). The same wavelength has been used for both 

horizontal and vertical dimensions and for all tests random noise with a standard 

deviation proportional to the data quality has been added to the synthetic travel times 

(0.2 s for P waves and 0.3 s for S waves). 

The results presented in Figures (5) and (6) correspond to input anomalies of 40% 

peak amplitude (RMS amplitude ~28%), with half-wavelengths (size of positive or 

negative perturbation area) of 3 km for both horizontal and vertical dimensions. As 

can be observed in Figure (5), as the depth is increasing the resolution of the results 

becomes poorer. In practice, the resolution depth limit for our data set is of the order 

of 7 km. Moreover, anomalies in the area of the Coloumbo seamount are only 

partially recovered, especially for shallower depths (Figure 5). 
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Figure 5: Checkerboard pattern tests for various depths (0 km, 3 km, 5 km and 7 km) 

for a sinusoidal input anomaly of 40% peak amplitude with wavelengths of 6 km (anomaly 

size ~3km) for both horizontal and vertical dimensions. In the middle and bottom figures the 

results of the resolution tests for P and S velocities are shown, respectively, using the 3-D 

non-linear inversion algorithm. 

 

Furthermore, two cross sections are presented in order to further evaluate the 

resolution of our data set (Figure 6). The first cross-section along line A has a NW – 

SE direction, while the second cross section (line B) is perpendicular to line A and 

runs parallel to the main tectonic feature of the area under study, the Santorini – 

Amorgos Fault Zone (NE – SW direction). An anomaly shape smearing along cross 

section B (NE – SW direction) is observed, while no significant smearing occurs 

along cross section A (NW – SE direction) (Figure 6). This anomaly smearing occurs 

in a NE-SW direction, probably due to the fact that this cross section is parallel to the 



 15

dominant direction of seismic rays. In particular, the majority of the earthquakes lie in 

the Coloumbo seamount area, while almost all the seismological stations are located 

on the Santorini complex. As a result, most seismic rays follow a mainly NE – SW 

direction, resulting in the observed NE – SW smearing. Moreover, it should be 

pointed out that this smearing is actually 3-D: rays emerging at depths of ~ 6 – 9 km 

at the Coloumbo area are recorded at surface stations on Santorini, resulting in an NE 

– SW – upward smearing of velocity anomalies (Figure 6d). On the other hand, little 

smearing is observed in the perpendicular direction (NW – SE), suggesting that cross-

sections with this orientation can provide more reliable information on the velocity 

structure. 

 

 
Figure 6: Variation of P-wave velocity along two cross-sections (A and B) (see small 

inset figure) of the input sinusoidal anomaly (a and b) and the inverted (c and d) velocity 

model. Notice the smearing along cross-section B, which is parallel to the dominant direction 

of seismic rays. 

 

In order to summarize the results of the resolution tests, the average recovered 

anomaly amplitude is presented in Figure (7) as a function of the logarithm of the ray 
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length (in km) associated with each velocity node. In general, for log(ray length) > 1.6 

(associated ray length > ~ 40 km) the recovered anomaly is of the order of ~ 20% of 

the input anomaly. The ray length associated with each node appears to be a good 

index for the robustness of the inverted anomaly model, considering the observed 

anomaly shape smearing along the direction of the seismic rays and the resolution 

depth limit of 7 km. In all results later presented, no information is presented for 

nodes (cells) with a log(ray length) less than 1.6, hence an average ~ 20% minimum 

anomaly recovery should be considered for the obtained results. 

 

 
Figure 7: Variation of the amplitude of the recovered anomaly from the 

checkerboard pattern test, as a function of the logarithm of the ray length (in km) associated 

with each grid velocity node. No results were considered for nodes with log(ray length) < 1.6, 

corresponding to an average recovered anomaly of ~20%. 



 17

 

6. Tomographic Results 
 

The P and S velocity distributions derived from the final 3-D velocity model are 

shown in Figures (8) and (9), respectively. Very strong lateral velocity variations are 

recognized at all depths, especially at shallower depths (0 – 3 km). In particular, there 

is a low-velocity zone beneath the main caldera of the Santorini volcanic center with 

lower P-velocities (Vp ≈ 5.0 km/s) and S-velocities (Vs ≈ 2.8 km/s), in contrast with 

the high-velocity area in the SE part of main island of Santorini complex (Vp ≈ 6.3 

km/s and Vs ≈ 3.6 km/s). This high velocity contrast corresponds to the difference 

between the low-velocity volcanic rocks of the intra-calderic area with the high-

velocity bedrock formations of Mount Profitis Ilias located in the SE part of Santorini. 

Moreover, there is a well-defined low-velocity zone, especially at depths between 5 

and 7 km, which is crossing the cape Coloumbo at the NE part of main Santorini 

Island, following a NE-SW direction (Figures 8 and 9). This low-velocity zone is in 

very good agreement with the “Kameni-Coloumbo” fracture zone (NE-SW direction) 

in the same area, which has been observed from both neo-tectonic and seismological 

data (e.g. Mountrakis et al., 1996, Dimitriadis et al., 2009). 

Furthermore, several cross sections have been plotted in order to facilitate the 

overview and evaluation of the tomographic results. Six cross sections have been 

drawn parallel to a NW – SE direction (Figures 10a and 10b) and four additional ones 

were selected perpendicular to the first six sections, following a NE – SW direction 

(Figures 11a and 11b). In every cross section an exaggerated morphology profile is 

also plotted for a better overview. 
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Figure 8: P-velocities derived from the final 3-D velocity model, up to the depth of 7 

km, for the area under study. Strong lateral variations are recognized at all depths, reflecting 

the presence of low-velocity volcanic zones, in contrast with the high-velocity areas (SE 

Santorini) corresponding to the bedrock formations of the study area. 

 

 
Figure 9: Same as Figure (8) for S-velocities. 
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Figure 10a: P-velocity variation along six NW-SE trending cross-sections using the 

final 3-D velocity model. The position of the cross-sections and the Coloumbo seamount 

(yellow star) are shown in the embedded figure. A strong velocity contrast is observed 

between the volcanic rocks of the caldera and the bedrock formation (cross-sections 2 and 3). 

Moreover, the “Kameni-Coloumbo” fracture zone (dashed lines) is identified in cross-sections 
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3 and 4 as a low velocity anomaly (see text for details), while the possible position of the 

Coloumbo low-velocity magmatic chamber is denoted with a dashed line in cross-section 5. 

 

 

 
Figure 10b: Same as Figure (10a) for S-velocities. 
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In the first two cross sections (1 and 2 in Figures 10a and 10b) a strong velocity 

contrast is observed between the negative velocity anomalies of the main caldera of 

Santorini volcanic center and the high velocities of the southeastern part of the main 

Santorini Island (metamorphic bedrock of Mount Profitis Ilias). Furthermore, cross 

sections 3 and 4 (Figures 10a and 10b) depict clearly the low-velocity zone at the 

northeastern part of Santorini Island (NE – SW direction), which was also observed in 

the previous figures (Figures 8 and 9). In particular, this low-velocity zone seems to 

consist of two branches, both following the NW – SE direction; the first branch is 

located beneath Oia area (northern part of Santorini) and the second one is located 

beneath the northeastern coast of Santorini. As was previously mentioned, this zone is 

in good agreement with the “Kameni-Coloumbo” fracture zone, which is the western 

termination of the major tectonic feature of the broader area under study, the ENE – 

WSW Santorini – Amorgos Fault Zone. The low velocities observed suggest that this 

tectonic zone probably acts as a tecto-volcanic conduit, connecting the Coloumbo 

volcanic seamount with the Santorini caldera (Figures 10a and 10b). 

The magmatic chamber of Coloumbo volcanic center could be correlated with the 

negative velocity perturbation observed at the depth of 6-7 km (cross-sections 5 and 

6) in both P and S models (Figures 10a and 10b, respectively). This estimate is in very 

good agreement with recent independent geophysical (Huebscher et al., 2006, Hensch 

et al., 2008), seismological (Bohnhoff et al., 2006) and geothermal (Sigurdsson et al., 

2006) results for the same area. 

Figures (11a) and (11b) presents four cross-sections with a NE – SW direction, 

parallel to the main tectonic feature of the Santorini – Coloumbo volcanic system, 

extending from the southern part of main Santorini Island to the Coloumbo volcanic 

center. The first two cross sections (cross sections 7 and 8) show a possible 

connection between the volcanic rocks of the caldera of Santorini volcanic center with 

the magmatic chamber beneath Coloumbo volcanic seamount. This low-velocity zone 

is following a NE – SW direction, parallel to the “Kameni-Coloumbo” fracture zone, 

suggesting the existence of a continuous volcanic area connecting the two volcanic 

centers, as previously mentioned (Figures 8, 9 and 10). The last cross section (cross 

section 10 in Figures 11a and 11b) shows a strong positive velocity perturbation area, 

corresponding to the metamorphic rocks of the Profitis Ilias Mountain (southeastern 

part of the Santorini Island). 
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Figure 11a: P-velocity variation along four NE-SW cross-sections of the final 3-D 

velocity model. The position of the cross-sections and the Coloumbo seamount (yellow star) 

are shown in the embedded figure. Notice the possible connection between the magmatic 

material of Santorini and Coloumbo volcanic centers (cross-sections 7 and 8; see text for 

details) and the high-velocity province of the Profitis Ilias metamorphic bedrock (cross-

section 10). 

 
Figure 11b: Same as Figure (11a) for S-velocities. 
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7. Conclusions 
 

In Figure (12), the histograms for the P and S residuals are plotted for the initial 1-

D and final 3-D velocity models. The final residual distribution is clearly improved 

for both P and S arrivals. The standard deviations for the initial P and S residuals 

changed from 0.50 s and 0.60 s (l-D) to 0.25 s and 0.30 s (3-D), respectively. In both 

cases, the variance reduction is ~75%, which confirms the significance of the three-

dimensional velocity model. 

The interpretation of the NE – SW cross-sections shown in Figures (11a) and 

(11b) should be considered with caution. As was demonstrated by the resolution tests 

(Figure 6d), an anomaly shape smearing is observed along NE – SW trending cross-

sections, due to the preferential directivity of seismic rays. Therefore, although the 

position of the NW – SE anomalies is quite robust (see Figure 6c), any conclusion 

about the continuity of the low-velocity zones observed along the NE – SW cross-

sections is questionable. However, the individual low-velocity areas beneath the 

caldera of Santorini volcanic center and the Coloumbo seamount should be 

considered as reliable, since the corresponding anomalies are both identified in the 

NW – SE cross-sections (Figures 10a and 10b), as well as in the horizontal depth 

sections (Figures 8 and 9). 
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Figure 12: Histograms of the P and S residuals of the arrivals for the initial one-

dimensional model (l-D) and the final three-dimensional model (3-D). A significant variance 

improvement is observed for the final 3-D model residual distribution for both P and S 

phases. 

 

The Santorini – Coloumbo volcanic system is dominated by a NNW – SSE 

extensional stress regime that produces neotectonic lineaments, such as the “Kameni – 

Coloumbo” fracture zone (Fytikas et al., 1990; Vougioukalakis et al., 1994, 1995; 

Mountrakis et al., 1996; Francalanci et al., 2005; Vougioukalakis and Fytikas, 2005). 

This direction coincides with the alignment of the volcanic centers; hence it is 

reasonable to assume that this tectonic zone provides pathways for ascending volcanic 

material (e.g. dykes). This pattern can be correlated with the NE-SW low-velocity 

lineament observed at the northeastern part of Santorini Island, especially at depths 
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between 5 and 7 km, in very good agreement with the tectonic regime of the broader 

area under study (Figure 13). In particular, the low velocities are in good agreement 

with the observed faults in the examined area, with a direction similar to the dominant 

“Kameni-Coloumbo” fracture zone, perpendicular to the extensional stress field 

determined for this area from recent studies (e.g., Dimitriadis et al., 2009). The 

observed low-velocity zone is also in very good agreement with neo-tectonic 

observations at the northeastern part of Santorini Island (Cape Coloumbo area) where 

oblique strike-slip faults have been observed (Mountrakis et al., 1996) (Figure 13). 

The negative velocity perturbation observed at the depth of 6-7 km can be 

correlated with the magmatic chamber beneath of the Coloumbo volcanic seamount. 

Furthermore, the main body of the seismic activity under the Coloumbo seamount is 

observed mostly at depths 6 – 12 km. It is interesting to notice that the local 

seismicity is rather anticorrelated with the presence of the low-velocity areas (Figure 

14), similar to what has been observed in other volcanic systems (e.g. De Natale et al., 

2004). Finally, it should be noted that although there is an apparent connection 

between the volcanic rocks of the caldera of Santorini volcanic center with the 

magmatic chamber beneath Coloumbo volcanic seamount (dipping to the NE), it is 

possible that Coloumbo volcanic seamount is also connected with a deeper magma 

reservoir below the main Santorini volcanic center. However, such a connection 

should be expected to occur at depths larger than 10 km (maximum 3-D model depth), 

outside the ray coverage of the employed data set. 
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Figure 13: P-velocity distribution derived from the final 3-D velocity model for the 

depth of 5 km and 7 km of the study area. Main faults (Perissoratis, 1995; Mountrakis et al., 

1996) are also depicted, along with the estimated average focal mechanism (grey beach ball) 

and the calculated stress orientation (grey arrow) derived by Dimitriadis et al. (2009). Notice 

the excellent agreement of the neo-tectonic and seismic data regarding the Kameni-Coloumbo 

fracture zone with the presence of the shallow NE-SW trending low-velocity zone in the area 

under study (see text for details). 

 

 
Figure 14: P-velocity variation along a NE-SW cross-section of the final 3-D 

velocity model (see embedded map in Figure 11a), along with the hypocenter distribution of 

the events used in the tomography procedure. Notice the excellent anti-correlation between 

the main cluster of hypocenters and the negative velocity perturbation observed at the depth 

of 6-7 km. 
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