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SUMMARY
The purpose of this work is to derive a 3-D tomographic image of the shear wave velocity
structure of the crust—uppermost mantle in the Aegean area using the group velocities of
Rayleigh wave fundamental mode. The database consists of 185 regional earthquakes recorded
at broad-band stations that were installed for a period of 6 month in the Aegean area within
the framework of a large-scale experiment. In a previous work (Karagianni et al. 2002), an
averaged group velocity has been determined using the method of frequency time analysis
(FTAN) for each epicentre–station ray path and the data were used in order to determine the
local group velocities for different periods over the area covered by the seismic ray paths.
Taking into account additional resolution results obtained for the local group velocities, a
grid of 0.5◦ was adopted for the Aegean area and a local dispersion curve was defined for
each gridpoint. More than 80 local dispersion curves were finally inverted using a non-linear
inversion approach, deriving the corresponding 1-D shear velocity models. The interpolation
of these models resulted in a 3-D S-wave tomographic image of the crust and uppermost
mantle in the broader Aegean area. As expected, as a result of the complex tectonic setting of
the Aegean area, strong lateral variations of the S-wave velocities of the crust and uppermost
mantle of the studied area are found. In the southern Aegean sea, as well as in a large part of the
central Aegean sea a thin crust of approximately 20–22 km is observed, whereas the remaining
Aegean sea area exhibits a crustal thickness less than 28–30 km. On the contrary, a crustal
thickness of 40–46 km is observed in western Greece along the Hellenides mountain range,
whereas in the eastern continental Greece the crust has a typical thickness of approximately
30–34 km.
For shallow depths (<10 km) low S-wave velocities are observed under the sedimentary
basins of the north Aegean sea, the Gulf of Thermaikos (Axios basin) and western Greece. At
depths ranging from 10 to 20 km, low S-wave velocities are mainly found in western Greece
under Peloponnesus as well as in Rhodes. This low-velocity zone seems to extend along the
Hellenic arc and can be correlated to the Hellenides mountain range and the Alpine orogenesis,
in agreement with previous P-wave tomographic results. In the southern Aegean sea very low
S-wave velocities (3.6–4.0 km s−1 ) are observed at depths of approximately 30–40 km just
below the Moho discontinuity, while in the rest of the inner Aegean sea and continental Greece
the uppermost mantle is characterized by velocities around 4.3–4.4 km s−1 . This low-velocity
zone in the southern Aegean sea can be associated with the high temperatures and the presence
of significant percentage partial melt in the mantle wedge of the southern Aegean subduction
zone, in agreement with previous studies.
Key words: Aegean area, group velocity, Hedgehog inversion, Moho, Rayleigh waves,
shear wave velocity structure.
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1 I N T RO D U C T I O N
The Aegean region is an area of complex tectonics that lies at the
convergence zone of the Eurasian and African lithospheric plates.
The Eastern Mediterranean Plate is subducting under the Aegean,
which has been recognized to form a separate Aegean microplate
moving at an average velocity of ∼ 35–40 mm yr−1 towards the
southwest with respect to Eurasia (McKenzie 1972; Jackson 1994;
Papazachos et al. 1998; Papazachos 1999). McClusky et al. (2000)
using geodetic measurements found that the southwestern Aegean–
Peloponnesus moves towards the S–SW relative to Eurasia, at 30 ±
2 mm yr−1 in a coherent fashion, with low internal deformation (<2
mm yr−1 ). The subduction that takes place in the eastern Mediterranean results in the formation of a well-defined Benioff zone (Papazachos & Comninakis 1969; Caputo et al. 1970; McKenzie 1970;
Papazachos & Comninakis 1971; McKenzie 1978; Le Pichon &
Angelier 1979). Moreover, it is the main reason behind the high
tectonic activity in this area, with volcanic activity (e.g. Georgalas
1962), magnetic anomalies and positive isostatic anomalies (e.g.
Fleischer 1964; Vogt & Higgs 1969; Makris 1976), high heat flow
(e.g. Fytikas et al. 1985) and high attenuation of seismic energy
(e.g. Papazachos & Comninakis 1971; Hashida et al. 1988). Fig. 1

shows the main topographic features of tectonic origin and stress
field characteristics in the study area (modified from Papazachos
& Papazachou 1997). The main zone of compression with thrust
faults, which are observed along the Hellenic arc and along the
western coast of northern Greece and Albania, is associated with
the subduction of the eastern Mediterranean beneath the Aegean
and the continental–continental type collision between the Adriatic (Apulia) microplate and the western Greek–Albanian coasts
(Anderson & Jackson 1987). A dextral strike-slip zone (North Anatolia Fault – NAF) is found in the North Anatolia—North Aegean
trough (McKenzie 1970, 1972; Taymaz et al. 1991), which seems
to be continued to the Kefallonia area (Scordilis et al. 1985). The
largest part of the backarc Aegean area is dominated by normal
faults with an E–W trend, suggesting an N–S extension. Finally, a
narrow zone of E–W extension lies between the thrust faults of the
outer Hellenic arc and the N–S extension field in the backarc area,
as has been identified using fault plane solutions (e.g. Papazachos
et al. 1984; Kiratzi et al. 1987; Papazachos et al. 1998), as well as
by recent GPS measurements (McClusky et al. 2000). The volcanic
arc, which is one of the characteristic features of the subduction,
is parallel to the external sedimentary arc at a mean distance of
120 km (Papazachos & Comninakis 1971). The distribution of the

Figure 1. Main features of tectonic origin in the broader Aegean region (modified from Papazachos & Papazachou 1997).
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volcanism in the Aegean area is strongly correlated with the intermediate depth seismicity at this area. The tectonic processes that
occur in the subducting slab in the Aegean area control both the
distribution of the volcanism and the melt generation in the mantle.
This suggests that melt generation is concentrated in zones above
those parts of the slab that are heavily deformed and where pore
fluids from dehydration reactions are focused to be released into
the mantle wedge via hydraulic fraction. It is inferred that fluids
from dehydration reactions within the slab are channelled towards
the slab–wedge interface by faults in the slab segment boundaries.
Subsequently, focused slab fluids are released into hotter regions of
the mantle wedge via hydraulic fracturing. The result is an increased
melt generation in those parts of the mantle wedge that overlie the
fracture zones and the location of the recent volcanic activity in the
south Aegean (e.g. Zelimer 1998; Papazachos et al. 2004).
In Fig. 1, the main sedimentary basins, such as the basin of Axios
with a maximum thickness of sediments of approximately 10 km
(Roussos 1994) and the North Aegean trough with a sedimentary
thickness of approximately 6 km (Kiriakidis 1988), are also shown.
In the same figure, the main characteristics of the Hellenic arc,
such as the volcanic arc, the sedimentary arc (Hellenides mountain
range), the Southern Aegean basin and the Hellenic trench, are also
shown.
The velocity structure of the crust and upper mantle in this area
has been extensively studied and most such studies are mainly based
on the propagation of P waves. Traveltimes of body waves generated
by either earthquakes (Panagiotopoulos 1984; Panagiotopoulos &
Papazachos 1985; Plomerova et al. 1989) or by explosions (Makris
1973, 1978; Delibasis et al. 1988; Voulgaris 1991; Bohnhoff et al.
2001) have been used for the study of the velocity structure under the
Aegean area. Moreover, an overall description of the 3-D lithosphere
and upper-mantle P-wave structure is given by various tomographic
studies (e.g. Spakman 1986; Christodoulou & Hatzfeld 1988; Spakman et al. 1988; Drakatos 1989; Drakatos et al. 1989; Ligdas et al.
1990; Drakatos & Drakopoulos 1991; Ligdas & Main 1991; Ligdas
& Lees 1993; Spakman et al. 1993; Papazachos et al. 1995; Tiberi
et al. 2000). Recently, Papazachos & Nolet (1997) used traveltime
data from local earthquakes in Greece and surrounding areas and
presented detailed results for the 3-D P and S velocity structure of
the Aegean lithosphere. Gok et al. (2000) provided an attenuation
study of regional shear wave (Sn and Lg) in the northern Aegean
and Greek mainland area and showed that an inefficient Sn propagation along the volcanic arc as a result of the low upper-mantle
velocities is observed in this area. Hatzfeld et al. (2001) studied
the shear wave anisotropy in the upper mantle beneath the Aegean
area and found that the seismic anisotropy is not restricted to the
North Anatolian fault but is distributed over a region several hundreds kilometres away. According to their results, little anisotropy
is observed along the Hellenic arc and in continental Greece,
whereas significant anisotropy is observed in the north Aegean
sea.
The published results on the lithospheric structure based on measurements of the dispersion of surface waves are more limited. The
early works of Papazachos et al. (1967) and Papazachos (1969) used
group and phase velocities of Love and Rayleigh waves and studied
the structure of the southeastern and eastern Mediterranean region,
respectively. Payo (1967, 1969) studied the structure of the Mediterranean sea region using dispersion measurements of surface waves
and identified a significant difference in the crust between eastern
and western Mediterranean area, while Calcagnile & Panza (1980)
and Calcagnile et al. (1982) focused on the regional study of the
lithosphere–asthenosphere structure in the Mediterranean region.
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More recently, Kalogeras (1993) and Kalogeras & Burton (1996)
used group velocity measurements of Rayleigh waves and studied
the shear wave velocity structure down to 60–70 km along some seismic ray paths in the broader Aegean area. Marquering & Snieder
(1996) used a waveform inversion method, where the synthetic seismograms are calculated taking surface wave coupling and studied
the S-wave velocity structure beneath Europe, western Asia and NE
Atlantic up to a depth of 670 km. They showed that in Central Europe, where the ray density is highest, small-scale structures are
recovered, such as the presence of high velocities associated with
the Hellenic subduction zone. Moreover, Yanovskaya et al. (1998)
studied the shear wave velocity structure under the Black sea and
surrounding regions using surface wave group velocities. Martinez
et al. (2000) studied the shear velocity structure of the lithosphere–
asthenosphere system under the broader Mediterranean area using
group velocities derived from the Rayleigh wave fundamental mode,
while Pasyanos et al. (2001) investigated the broader southern Eurasia and the Mediterranean sea region using group velocities of both
Rayleigh and Love waves.
In general, previous studies in the broader Aegean area show the
existence of strong variations in the crustal structure that characterize this region but are usually of limited spatial resolution. A
thin crust approximately 20–30 km thick has been proposed for the
backarc area, whereas a significant crustal thickness (40–47 km)
has been identified along the Hellenides mountain range. The crust
has a normal thickness (28–37 km) in the eastern part of the Greek
mainland, in the northern and central Aegean, in western Turkey and
in Crete.
The 3-D S-wave velocity structure is not well-known for the
Aegean as a result of the very limited number of tomographic studies that employ S arrivals. The main purpose of this paper is to
obtain a detailed 3-D tomographic image of S-wave velocity for the
uppermost ∼ 50 km in the Aegean area. For this purpose, Rayleigh
wave group velocities along different ray paths have been estimated,
using the vertical components of the waveforms from which a data
set of approximately 800 dispersion curves covering the studied area
has been extracted (Karagianni et al. 2002). Using these data, group
velocity tomographic maps for different periods, ranging from 5 to
30 s have been constructed and inverted in order to determine the
3-D S-wave velocity structure of the examined area.
2 A N A LY S I S O F S U R FA C E WAV E D AT A
2.1 Tomographic method
For each epicentre–station seismic ray path, an averaged group velocity curve of the fundamental mode of Rayleigh wave is estimated
for the period range from 5 to 30 s, using the method of frequency
time analysis (FTAN) developed by Levshin et al. (1972, 1989,
1992). The group velocities along different ray paths have been
used to construct the group velocity tomographic maps at different
periods.
To construct the group velocity tomographic maps, a generalized
2-D linear inversion program developed by Ditmar & Yanovskaya
(1987) and Yanovskaya & Ditmar (1990) has been applied. The
method of Yanovskaya and Ditmar is a generalization to two dimensions of the classical 1-D method of Backus & Gilbert (1968). The
result of surface wave tomography is the estimation of local values
of group velocity at different gridpoints over the studied area, which
can be used to obtain group velocity maps for different periods.
In tomography, the knowledge of the resolution is important in
order to estimate the minimum resolvable feature for a given sample
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and to determine those features that may be a numerical artefact.
Yanovskaya (1997) and Yanovskaya et al. (1998) proposed the use
of two parameters as resolution measures. The first resolution parameter is the mean size of the averaging area, L, given by
L = [smin (x, y) + smax (x, y)]/2,

(1)

where s min (x, y) and s max (x, y) are the smallest and the largest axes
of an ellipse that the averaging area can be approximated to, centred
at each examined point (x, y). As the resolution is closely correlated
to the density of the crossing ray paths in each cell, it is clear that
small values of the mean size of the averaging area (corresponding
to high resolution) should appear in the areas that are crossed by a
large number of ray paths and vice versa.
The second parameter is the stretching of the averaging area,
which provides information on the azimuthal distribution of the ray
paths and is given by the ratio
2[smax (x, y) − smin (x, y)]/[smax (x, y) + smin (x, y)].

pass both criteria are acceptable and the same process is repeated
until the neighbourhood around each satisfactory combination of
the search parameters is explored.

(2)

Small values of the stretching parameter imply that the paths are
more or less, uniformly distributed along all directions, hence the
resolution at each point can be represented by the mean size of
the averaging area. On the contrary, large values of this parameter
(usually >1) mean that the paths have a preferred orientation and
that the resolution along this direction is likely to be quite small
(Yanovskaya 1997).
2.2 Inversion method
The non-linear inversion method applied for the determination of
the velocity structure using the dispersion curve is known as the
Hedgehog method (Keilis-Borok & Yanovskaya 1967; Valyus 1968;
Knopoff 1972; Biswas & Knopoff 1974; Calcagnile & Panza 1980;
Panza 1981). The Earth model is parametrized by the density and the
P- and S-wave velocities as a discrete function of depth. The parameters may be varied or held fixed in the inversion and can be either
independent or dependent, on the basis of a priori knowledge. For
the independent parameters acceptable models are sought, whereas
the dependent parameters maintain a fixed relationship with the independent ones. Because the partial derivatives of phase and group
velocity with respect to the shear wave velocity are much larger
than those with respect to the compressional wave velocity and density (e.g. Urban et al. 1993), only the S-wave velocity and the layer
thicknesses were chosen as independent parameters. Each parameter to be inverted is specified to vary within a particular range, with
upper and lower bounds. For a given model, a set of theoretical values (group velocities in the present study) are computed with the
Knopoff method (Knopoff 1964; Schwab & Knopoff 1972; Schwab
et al. 1984). Starting from the largest period, the theoretical group
velocity is computed and compared with the observed value. If the
difference lies within the observational errors (single point error)
the inversion proceeds to test the next shorter period and so on. If
this test fails at any individual period, the model is rejected and a
new model in the neighbourhood of the previous one is tested. If the
test is successful at all individual periods of the dispersion curve,
the rms difference (root-mean-square deviation) between theoretical
and observed values of group velocity is computed and compared
with a preset value (usually less than 0.06 km s−1 ). After tests, the
preset value was set at 60 per cent of the experimental error of the
group velocity values and was used in order to avoid the large jumps
of the theoretical dispersion curves or avoid solutions with a systematic bias with respect to the experimental curve. Models that

3 D AT A S E L E C T I O N A N D P R O C E S S I N G
In the present study, group velocities of the fundamental mode of
Rayleigh waves that travelled across the Aegean area have been used
as initial data. We have considered regional earthquakes within the
area defined by 34◦ –42◦ N and 19◦ –31◦ E, which were recorded
by the broad-band stations of a temporary network that has been
installed in the Aegean area for a period of 6 month. The locations
of the events, as well as of the portable stations are shown in Fig. 2(a),
while a detailed description of these data is given in a previous paper
(Karagianni et al. 2002).
Around 800 observed Rayleigh wave group velocities have been
finally determined along different ray paths covering the region under study. The frequency bandwidth of each measurement depends
on the ability of the analyst to identify the direct fundamental mode
arrival and to distinguish it from higher modes, other reflections or
coda waves. As the mean path length is of the order of 400 km, the
Rayleigh waves have been well recorded in the period range from 5
to 30 s. The coverage of the study area for the period of 10 s is shown
in Fig. 2(b). The azimuthal distribution of the paths is quite uniform
and the coverage is satisfactory, especially in the central Aegean
area where a large number of portable stations were located. Poorer
density of seismic ray paths is observed in western Greece, NNE
Greece and SW Crete as a result of the lack of earthquakes and
recording stations.

3.1 Lateral variations of Rayleigh wave group velocities
The group velocity maps over the Aegean area for the periods ranging from 5 to 30 s are presented in detail in Karagianni et al. (2002)
and will be only briefly discussed here. In Fig. 3, the group velocity variation for two selected periods (10 and 24 s) is presented. In
general, the group velocity maps show significant lateral velocity
heterogeneity with variations up to 30 per cent in the study area.
For shorter periods (6–14 s) the observed velocity anomalies
mostly correlate with shallow geological features (Fig. 1). In particular, the most important features identified in the group velocity maps
as significant low-velocity anomalies correlate well with a number
of known structural features. Examples include the big thickness of
sediments under the Hellenides mountain range in western Greece,
the sedimentary basin of Axios in northern Greece continuing to the
North Aegean trough and the Southern Aegean basin with its high
observed heat flow (Fig. 3a). At the largest periods (19–28 s) an
increase in group velocity values is observed. For the period of 24 s,
the large lateral differences in group velocity values suggest a significant difference in the crustal thickness between western Greece
and the inner Aegean sea (Fig. 3b).
The standard errors associated with the local group velocities
range from 0.04 to 0.09 km s−1 for all the examined periods (Karagianni et al. 2002). Furthermore, the mean size of the averaging area
(quantifying the resolution of the local group velocity distribution)
is of the order of 50–100 km in the central part of the Aegean and
becomes poorer (∼200 km) only at the borders of the maps, where
the path coverage is limited. The values of the stretching parameter
of the averaging area generally indicate that the azimuthal distribution of the paths is quite uniform. In Fig. 3, the results are presented

C

2005 RAS, GJI, 160, 127–143

Shear velocity structure in the Aegean area

131

(α)

(b)

Figure 2. (a) Map of the epicentres (open circles) of the events used in this study and the locations of the portable stations. (b) Path coverage of the ray paths
used in this study for the period of 10 s.

only for areas where the mean size of the averaging area is less than
200 km.
In order to further validate the results obtained by Karagianni
et al. (2002), we have performed additional checkerboard tests. For
this reason, the study area was divided into cells and a velocity
perturbation of ± 20 per cent with respect to the average group velocity for each examined period was assumed for the cells. Using
this model, traveltimes along paths linking source and recording sta
C
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tions were calculated, adopting the same ray coverage configuration
as in Fig. 2. A solution for these velocity perturbations was obtained
using the same regularization parameter, a, as for the real data in
the tomographic inversion. The checkerboard test was performed
for different cell sizes, as well as for different values of velocity perturbation. The results show that tectonic features with sizes ∼100
km or less in the studied area can be well resolved by the real data
for the largest part of the study area. In Fig. 4(a), we show the re-

132

E. E. Karagianni et al.
o

o

42 N

42 N

10sec

24sec
o

o

40 N

40 N

o

o

38 N

38 N

o

o

36 N

36 N

(from -15% to 13%)
o

34 N

a

Aver. group vel: 2.61 km sec-1
o

20 E

o

o

22 E

o

24 E

26 E

o

(from -30% to 14%)
Aver. group vel: 2.86 km sec-1
o

28 E

20 E

o

o

22 E

24 E

b
o

o

26 E

28 E

o

34 N

dU/U (%)
-30

-25

-20

-15

-10

-5

0

5

10

15

Figure 3. Estimated Rayleigh wave group velocity maps at two selected periods. Maps depict lateral variations (in per cent) of group velocity, relative to the
average group velocity for each plot.

sults of the checkerboard test for the period of 10 s. Moreover, in
Fig. 4(b) we present the contour lines of 100 and 150 km for the
mean size of the averaging area of the real data (eq. 1), which define
the region of the acceptable resolution. In the same figure, we have
added for comparison the well-resolved model area, as defined from
the checkerboard tests for two different cell dimensions (1◦ × 1◦ /
∼100 × 100 km, 1.5◦ × 1.5◦ /∼150 × 150 km) and two periods
(10 and 24 s). It is clear that the well-resolved area according to
the checkerboard tests is in very good agreement with the values of
the mean size of the averaging area that have been presented in the
previous work of Karagianni et al. (2002). Furthermore, Fig. 4(b)
shows that resolution is similar for both high (10 s) and low (24
s) frequencies, hence local group velocity curves can be reliably
constructed and inverted for each cell.
From the group velocity maps a grid of 0.5◦ × 0.5◦ has been
defined over the Aegean area and a local group velocity has been
estimated for every gridpoint. Using the local group velocities for
different periods between 5 and 30 s as derived from the tomographic
maps calculated in the previous work of Karagianni et al. (2002),
a local dispersion curve has been constructed for each gridpoint.
Finally, a mean local dispersion curve was assigned to each cell
defined by the grid, using the dispersion curves that corresponded
to the four corners of each cell.
3.2 Inversion results
In the present work, the inversion scheme has been applied to 80
mean local dispersion curves over the Aegean area, producing vertical 1-D shear wave velocity models for each examined gridpoint.
After the inversion, a simple linear interpolation scheme between
the centres of the cells was adopted and a 3-D image of the S-wave
structure of the Aegean area was derived for depths ranging from 5
to 45 km.
Even if with the adopted non-linear inversion scheme, the starting model does not significantly affect the final results, the starting
model of S-wave velocities for the inversion have been taken from
the work of Papazachos & Nolet (1997). This and the work of Martinez et al. (2000) are the only tomographic works that give detailed
information on the 3-D S-wave velocity structure of the Aegean

lithosphere. For the cases where the inversion was performed at
gridpoints in the sea, the starting 1-D model was overlain by a water
layer of variable thickness (0.2–2.5 km), according to the bathymetric map for the broader Aegean area.
Because group velocity data were available only for the range 5–
30 s, it is not possible to resolve the parameters of the very shallow
layers, as well as those of the deep mantle. For this reason the elastic properties for the upper 3–5 km have been fixed on the basis of
information coming mainly from seismic soundings performed by
the Greek Public Petroleum Company (Roussos, personal communication, 2000) and from other existing geophysical investigations
(e.g. Roussos 1994; Makris 1976, 1977; Martin 1987). The P-wave
velocities have been defined on the basis of S-wave velocity values,
using the V p /V s ratio values given by Papazachos & Nolet (1997).
The density values that were used in the present study have been
calculated from the values of P-wave velocities using the relationship of Barton (1986) for the crustal and the upper-mantle material.
We have verified that small modifications in the upper 3–4 km do
not have a critical influence on the results of our inversion, because
we limited the shorter period of our group velocity data at 6 s. We
have performed several tests where the S-wave velocities of the shallow layers (usually sedimentary) have been modified up to 0.5 km
s−1 and the corresponding thicknesses up to 0.5–1 km. All the tests
showed that in the inversion results the imposed modifications resulted in variations of the S-wave velocities of the order of 0.02–0.09
km s−1 for the depths ranging from 5 to 45 km, whereas the Moho
depth varied by 1 km at most.
Finally, for each examined geographical point, 8 to 10 parameters have been allowed to vary in the inversion scheme, namely the
S-wave velocities in 4–5 layers reaching a depth of approximately
40–45 km and the related thicknesses. The steps for the variation of
the velocity parameters during the inversion process have been estimated according to the resolving power of the information contained
in the available data (Panza 1981).
In Table 1, we show the parametrization that was used in the inversion scheme for a typical gridpoint (E in Fig. 13). The inversions
results for this point are shown in Fig. 5, where thick lines present
the accepted models that satisfy the criteria of inversion (single point
error ∼ 0.07 km s−1 , rms deviation ∼ 0.05 km s−1 ) and thin lines
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Figure 4. (a) Checkerboard test for 10 s Rayleigh wave with cell 1.5◦ × 1.5◦ where the velocity perturbation in the cells is ± 20 per cent. (b) Comparison of
resolution lengths obtained from checkerboard tests (black lines) and averaging area (eq. 1) calculations (grey lines) for the periods of 10 and 20 s.

show all the rejected models that were tested in the inversion scheme.
The inversion process tested 7314 models but the accepted solutions
were only 16, even though that the initials bounds on each parameter
are very broad. It is clear that the step adopted for layer thickness,
as well as for the S-wave velocity variation, was small enough in
order not to limit the number and range of the tested models.
In the inversion process for each examined point, we considered
the depth of 45–50 km as a maximum depth at which the independent
parameters were allowed to vary. This is based upon the variation
of the group velocity sensitivity on the shear wave velocity versus
depth (Panza 1981; Urban et al. 1993), as was already shown in
detail in the previous work of Karagianni et al. (2002).
4 S - WAV E V E L O C I T Y M O D E L S
A N D I N T E R P R E T AT I O N
The local 1-D vertical models of shear wave velocity as derived
from the inversion process for each examined geographical point
have been used in order to construct a detailed map of the Moho
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depth discontinuity for the study area. For this purpose, we have
assumed that a shear wave velocity of approximately 3.9–4.0 km
s−1 is a reasonable approximation for the S-wave velocity at the
bottom of the lower crust. Using all the solutions of the inversion,
the average S-wave velocity was estimated using a depth interval of
2 km in order to define the average S velocity depth profile at each
point. At this stage, the depth at which we observe a jump in the
S-wave velocity (from 3.9 to 4.3 km s−1 ) was taken as the Moho
depth. In some cases no jump could be resolved, but a rather smooth
transition in S-wave velocity from the lower crust to the upper mantle
is noticed, in agreement with previous results by Calcagnile et al.
(1982).
Significant lateral changes in the crustal thickness can be observed in Fig. 6, as is expected from the tectonic complexity of
the Aegean region. A large crustal thickness of approximately 40–
45 km is found in western Greece along the Hellenides mountain
range, whereas a thin crust of approximately 20–22 km is observed
between Crete and the volcanic arc (Cretan sea). The thin crust in
the southern Aegean sea is in agreement with the N–S extension
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Table 1. Parametrization used in the inversion scheme for
the geographical point E (Fig. 12). P1, P2, P3, P4, P5, P6
are the independent parameters that could be varied during
the inversion scheme with their range and the step variation
(in brackets). (P1 is the thickness of the first layer, P2 is the
thickness of the second layer, which in this case is the same
for the third layer too, P3–P6 are the S-wave velocities at the
corresponding layers).
β(km s−1 )

h (km)
0.2
1
1.5
P1
P2
P2
45-P1-2P2
26
20
20
20

0.0
1.6
2.27
P3
P4
P5
P6
4.51
4.43
4.42
4.49

P1 = 3.0 (2.0) 13.0 km
P2 = 4.0 (2.0) 14.0 km
P3 = 2.49 (0.15) 4.00 km s−1
P4 = 2.59 (0.15) 3.99 km s−1
P5 = 2.69 (0.15) 4.91 km s−1
P6 = 2.99 (0.15) 4.999 km s−1

−1

Region of search

Rejected solutions
Accepted solutions

Figure 5. Accepted (thick line) and rejected (thin line) models of S-wave
velocity obtained from the Hedgehog inversion for a typical gridpoint in
north Aegean sea (point E, Fig. 12).

field (Fig. 1), as well as with the rise of the hot mantle material as
a result of the subduction of the eastern Mediterranean plate under
the Aegean microplate. A thin crust of approximately 20–22 km is
also observed in the central Aegean sea between the islands of Andros and Chios. The largest part of the Aegean sea shows a crustal
thickness less than 28–30 km, except for the area north of Lemnos island, where a crust with a thickness of approximately 32–34
km is locally observed. The north Aegean sea is characterized by

a thin crust and a crustal thickness of approximately 25 km is observed near the North Sporades islands. The aforementioned results
are in agreement with previous investigations (e.g. Makris 1976;
Brooks & Kiriakidis 1986; Chailas et al. 1993; Papazachos 1994,
1998).
In Fig. 7(a), we show the estimated error of the Moho depth discontinuity in kilometres, as this has been constructed by studying
the dispersion of Moho depths derived from all the accepted solutions at the gridpoints where the inversion has been performed.
It is observed that for the largest part of the studied area the estimated error is less than 4 km, which is acceptable considering
the wide range that the Moho depth discontinuity was allowed to
vary during the inversion. At the borders of the studied area, the
error of our results becomes larger as the data coverage (group
velocity along different ray paths) is poor, hence results at the borders may still be questionable. For two randomly selected points
where the inversion scheme has been applied (points I and B in
Fig. 12), we show the histograms (Fig. 7b) of the values of the
computed Moho depth discontinuity, where most of the solutions
suggest that the Moho depth is around 35–36 and 21–22 km,
respectively.
Significant lateral variations for the shear wave velocities are also
detected, as can be seen from the horizontal velocity distributions
presented in Fig. 8. For example, in the depth range from 20 to
26 km, S-wave velocities of the order of 3.2 km s−1 are detected
in western Greece, whereas an S-wave velocity of approximately
4.2 km s−1 is observed in the southern and part of the central Aegean
sea.
Most of the shallow depths sections (6–16 km) are dominated
(Peloponnesus, north and western Greece, south Aegean sea) by relatively low S-wave velocities. These low velocities are in agreement
with the results of Kalogeras (1993), who indicated comparable velocities at a depth of approximately 12 km along two paths of SW
Peloponnesus—Athens and SW Crete—Athens. The observed velocity zones have the well-known Dinaric trend (NNW–SSE), which
is expressed in northwest Greece by the Hellenides mountain range,
which changes to east–west in western Turkey and ENE–WSW in
the central and southern Aegean sea. These directions are in agreement with the direction of the active fault zones in the Aegean area,
which are the result of the westward escape of the Anatolian Plate,
as well as to the NNW–SSE extension in the broader Aegean area
(e.g. McKenzie 1972).
As the depth increases, an increase in S-wave velocity is also
observed. For the depth range from 16 to 20 km, a mean S-wave
velocity around 3.5 km s−1 is found. Negative anomalies, that is, Swave velocities lower than the mean value, are recognized in western
Greece, whereas positive anomalies are depicted in northern and
southern Aegean sea, suggesting that in these regions the lower
crust has already been reached. The low-velocity zone in western
Greece seems to follow the direction of the geological zones in this
area, but the relatively poor path density in this area does not allow
its accurate determination.
For the depths ranging from 20 to 26 km, the depicted S-wave
velocities in the largest part of the Aegean sea, as well as for the
eastern continental Greece, represent typical velocities of the lower
crust (3.6–3.8 km s−1 ). On the contrary, larger S-wave velocities
(4.1–4.2 km s−1 ) are observed in the SE Aegean sea, which are indicative of the uppermost mantle in this area. Similar S-wave velocities have been observed by Kalogeras (1993) along three paths that
cross the south Aegean sea (Karpathos–Athens, Rhodes–Athens,
and SW Turkey—Athens). In western Greece, the observed S-wave
velocities probably depict the upper—lower crust boundary.
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Figure 6. Crustal thickness (in km) for the broader Aegean area estimated in this work. The black triangles denote the locations that the Moho depth
discontinuity has been calculated by the work of van der Meijde et al. (2003) and for each point this depth with its error is shown.

Up to the depth of approximately 30 km, S-wave upper-mantle
velocities (4.0–4.3 km s−1 ) dominate in the whole of the Aegean
sea, whereas crustal S-wave velocities (∼ 3.5 km s−1 ) are observed
in western Greece, indicating the presence of a thicker crust in this
region, suggesting that a clear difference in crustal thickness between continental Greece and the Aegean sea is identified by our
data.
For depths ranging from 30 to 40 km, very low S-wave velocities
(3.6–3.8 km s−1 ) extend over the southern and the central Aegean
sea. These velocities, which are found just below the Moho discontinuity, can be correlated with the high heat flow in the mantle wedge
above the subducted slab and the related active volcanism in the
area, in agreement with body wave tomographic results (Spakman
1986; Spakman et al. 1993; Papazachos & Nolet 1997). The low
S-wave velocity anomalies in the mantle wedge (∼ 10 per cent, locally up to ∼ 14 per cent) obtained in the present study (VS ∼ 3.7–3.8
km s−1 ) in combination with the P-wave velocity anomalies from
body wave tomography (∼ 5–6 per cent, locally 7 per cent with VP
∼ 7.3–7.4 km s−1 ) correspond to an unusually high V P /V S ratio of
1.9–1.95, locally perhaps reaching 2.0. Such low velocities and high
V P /V S values are usually attributed to the presence of partial melt in
the mantle wedge and correspond to unusually high melt fractions
of the order of 15–20 per cent for a typical mantle composition
(e.g. Birch 1969). Surprisingly, petrogenetic results from volcanics
of Santorini Island (Zelimer 1998) also suggest that a high degree
of mantle melting of 15–20 per cent is present beneath the volcanic
arc in the Aegean area. It is well known that the water flux as well
as other volatiles that are released from the slab are very important
to the amount of the partial melting. However, MELTS modelling
(Zelimer 1998) indicates that too low H 2 0 is contained in basalts so
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the amount of water flux into the melting region beneath the Aegean
arc is also too low to generate more than a few per cent of mantle
melting (Davies & Bickle 1991). In consequence, only the hydrous
fluxing of the mantle wedge cannot account for the relatively large
degrees of mantle melting (15–20 per cent) as indicated by trace element constraints and the results of the present work. Hence, unless
other volatiles such as CO 2 are released from the slab and increases
melt production, melting beneath Santorini may at least in part be
a result of the manifestation of the mantle diapers associated with
the ascending flow of subduction-induced convection in the mantle
wedge. It should be pointed out that the subducted sediments that
also contain much of pore fluids contribute to the mantle melting
only with a small amount of 0.2–0.4 per cent, while the slab fluids contribute 35–85 per cent of the fluid mobile element budget
(Zelimer 1998).
A similar sequence of velocities, associated to a mantle wedge
related to subduction, has been detected along the active (seismically
and volcanically) side of the Tyrrhenian sea and bordering land
(Panza et al. 2002; Pontevivo & Panza 2002). A low-velocity layer of
S waves, at a depth of approximately 30 km, has also been detected by
Kalogeras & Burton (1996) along three paths (Karpathos–Athens,
Rhodes–Athens, and SW Turkey—Athens) that cross the southern
Aegean sea. The S-wave velocities determined for this depth range
suggest that in western Greece the lower crust has been reached,
whereas mantle S-wave velocities (4.2–4.4 km s−1 ) are detected in
the south Peloponnesus.
For depths greater than 40 km a limited number of inversion
results for the Aegean area are available, because our experimental data (group velocities) can not resolve the S-wave structure for
depths greater than 50 km. However, they suggest that the S-wave
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Figure 7. (a) Estimated error (in km) of the Moho discontinuity. (b) Histograms of the depths of Moho discontinuity for two typical gridpoints (I and B, Fig
12) in the Peloponnesus and the southern Aegean sea and the average value of Moho discontinuity with its error bar.

velocities determined in central and western Greece show typical
uppermost mantle velocities.
In order to have a more detailed view of the velocity structure in
the study area, the S-wave velocity contrast between the depths of
28 and 38 km is plotted in Fig. 9. In the central and southern Aegean
sea, a well-defined upper-mantle low-velocity zone (mantle wedge
low-velocity zone: MW LVZ) can be identified. This low-velocity
zone near the active volcanism (black triangles) can be attributed to
the rise of hot material from the asthenosphere in the Aegean area,
as a result of the subduction of the African Plate under the Eurasian
Plate. Our data are not adequate to accurately determine the bottom
of this low-velocity zone, which is probably the high-velocity subducted slab (e.g. Spakman et al. 1988; Papazachos & Nolet 1997).
Another low-velocity zone below the Chalkidiki peninsula can also
be identified, in accordance with Christodoulou and Hatzfeld (1988)

who detected a similar low-velocity zone in the P-wave structure at
a depth of approximately 35–40 km, whereas later Papazachos &
Scordilis (1998) confirmed the existence of this layer in P- as well
as in S-wave structure.
Figs 10 and 11 depict several vertical cross-sections of the preferred 3-D shear wave velocity, where the estimated Moho discontinuity is shown as a black solid line and its uncertainty with the dashed
lines. In Fig. 12, the results of the Hedgehog inversion, which has
been performed at the examined gridpoints (A to M) along the two
cross-sections of Fig. 11, are presented. For each gridpoint, using all
the solutions (thin lines), we have estimated our preferred solution
as the averaged solution (dotted line). In the same figure, the investigated parameters space (grey area) is shown. For the cross-section
in Fig. 11(a), which has been obtained from the averaged solutions
at points A to G, the inversion results (Fig. 12) show a clear mantle
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Figure 8. Horizontal cross-sections of the final shear wave velocity model for different depth ranges in the Aegean area.

low-velocity layer (MW LVZ) just north of Crete, which seems to
continue in the southern Aegean sea and disappears to the north. A
crustal low-velocity zone (C LVZ) appears locally in the depth range
from 10 to 15 km at the second cross-section (Fig. 11b), which has
been obtained from the averaged solutions (Fig. 12) at points H to
M. The results presented in Fig. 12 show that for many gridpoints
the low-velocity layers (e.g. in the upper crust for models A, H,
I, or in the upper mantle for models B and D) are robust features
and no solutions exist without their presence, though with different velocity contracts. However, in other cases (e.g. upper-mantle
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low-velocity layer for model C) some solutions without this MW
LVZ are also found. On the other hand, even in these cases, the general trend of the majority of velocity models (e.g. see solutions for
model C in Fig. 12 for depths larger than 30 km) strongly suggests a
decrease of velocity with depth. Therefore, although the absence of
MW LVZ can not be rigorously excluded as a possibility, it should
be considered as very unlikely to occur.
The vertical cross-sections confirm that the approximate crustal
thickness is 20–22 km in the southern and the central Aegean sea
(Figs 10a , b and 11a), approximately 35 km south of Peloponnesus
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and near Rhodes island (Fig. 10a), 40–45 km in north Peloponnesus
and in the western coast of Asia Minor (Fig. 10b), approximately
36 km in northwestern Greece and in central Greece (Figs 10c and
11b), around 25 km in the north Aegean sea near the Sporades
islands (Fig. 10c) and 30–34 km in the north Aegean sea close to
Lemnos island (Figs. 10c and 11a).
The mantle low-velocity zone (MW LVZ) that has been detected
in the southern and central Aegaen sea for depths ranging from
30 to 40 km is visible in the vertical sections that cross the southern and the central Aegean sea (Figs 10a , b and 11a), whereas
similarly low S-wave velocities do not appear in the north Aegean
sea for the same depth range. At a depth of approximately 10–12
km a C LVZ is visible, mainly along the sedimentary Hellenic arc
and Hellenides mountain range (Figs 10a , b, c and 11b) in western Greece, Peloponnesus and Dodekanese (Rhodes and Karpathos
islands). The very low S-wave velocities that can be seen in the horizontal cross-sections in the northern Aegean sea, as well as in the
Thermaikos gulf—Axios basin (Figs 11a and 10c) can be correlated
to the significant thickness of sediments in the respective basins,
approximately 6 km in the north Aegean sea (Kiriakidis 1988) and
approximately 10 km in the centre of Axios basin (Sousounis 1993;
Roussos 1994). These low S-wave velocities are in agreement with
the work of Drakatos et al. (1989) who showed at the western borders of the Axios basin very low velocities in the shallow layers
(∼15 km) and correlated them with the local geology of the area.
(sedimentary basins and active tectonic–geothermal regions). The
strong lateral variations of the crustal thickness and the shear velocities in the Aegean area are even more evident in the vertical
sections of Fig. 11(a).

5 D I S C U S S I O N A N D C O N C LU S I O N S
The results of the surface wave tomography presented in this paper
exhibit clear strong lateral variations in the Aegean area that can
be correlated with known regional tectonic features. The most outstanding structural feature of the Aegean confirmed in this work is
the crustal thickness difference between western Greece (along the
Hellenides mountain range) and the Aegean sea (e.g. Fig. 11). In the
southern Aegean sea, as well as in parts of the central Aegean sea,
the crust has a thickness of approximately 20–22 km. This crustal
thinning is associated with the extension tectonics of the Aegean
backarc area and the rise of the mantle material, as a result of the
convergence between the Eurasian and African plates. Generally,
the inner Aegean sea shows a crustal thickness of less than 28–30
km, whereas in western Greece a significant crustal thickness of approximately 40–46 km is observed along the Hellenides mountain
range. A normal crust of thickness of approximately 30–34 km is
observed in eastern continental Greece. The results are in agreement
with the Moho depth that has been derived by the work of van der
Meijde et al. (2003) who showed a crustal thickness around 43 ±
1.7 km at one station located in west Peloponnesos, 25 ± 1.4 km for
a station close to Samos Island and 29 ± 2.4 km at a station SW of
Rhodes island. The results obtained in the present work show that
the corresponding depths of Moho discontinuity are 39 ± 2.5, 24 ±
1.5 and 29 ± 2.2 km, respectively, in very good correlation with the
aforementioned work of van der Meijde et al. (2003) as is shown in
Figs 6 , 10 and 11.
Moreover, strong lateral variations of the shear wave velocity are
exhibited in the constructed horizontal and vertical cross-sections
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Figure 10. S-wave velocity distribution along three E–W trending cross-sections in the study area. The triangle shows the location that a Moho depth
discontinuity has been calculated in the work of van der Meijde et al. (2003). The inset map on the right part of the figure indicates the location of the vertical
sections.

passing through the Aegean area. In the depth range from 5 to 20 km,
an S-wave low-velocity zone has been detected in western Greece,
mainly under Peloponnesus and Rhodes. This low-velocity zone,
which was first observed by Papazachos (1994) and Papazachos
et al. (1995) and later confirmed by Papazachos & Nolet (1997), extends along the Hellenic arc and can be correlated to the Hellenides
mountain range and the Alpine orogenesis, in accordance with the
ideas of weakening mid-crustal intrusions and the associated LVZ
(low-velocity zone) which was proposed by Mueller (1977). Previous studies detected this C LVZ only in the P-wave structure, as a
result of the limited resolution of the S-wave traveltime data.
In the southern Aegean sea, as well as in a part of the central
Aegean sea, the observed low S-wave velocities (3.6–3.8 km s−1 )
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at sub-Moho depths (30–40 km) indicate the presence of a lowvelocity mantle wedge (MW LVZ) above the subducted slab. In the
remaining part of the Aegean sea and in continental Greece the
uppermost mantle is characterized by velocities around 4.3–4.4 km
s−1 , slightly lower than previously published values based on body
wave travel-time inversions (e.g. Papazachos & Nolet 1997).
The very low S-wave velocity anomaly that is shown in the mantle
wedge (associated with the partial melting in the southern Aegean
sea) has also been observed in similar geotectonic environments.
Zhao et al. (1997) showed low P velocity anomalies (using body
wave tomography) beneath the Tonga arc and the Lau backarc extending from the surface to approximately 100–140 km depth, where
the primary magma genesis is expected to take place beneath an
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oceanic spreading centre. Moreover, they inverted 16 waveforms
from 7 regional earthquakes recorded at the land stations to determine the 1-D S-wave velocity structure beneath the spreading
centres. The inversion results showed a similar heterogeneity of S
velocity (∼ 18 per cent, while the P-wave tomography showed 13 per
cent) and a depth distribution of the backarc S velocities anomalies
similar to that of the P-wave tomography. At the depth of approximately 40 km (up to 100–140 km), low S- wave velocities ∼ 3.8 km
s−1 were found, similar to those found in our work for the mantle
wedge. A similar low velocity anomaly has also been found beneath
the Alaska and Japan volcanic arc (Zhao et al. 1995, 1997), probably
representing the source zone for island arc magmas.
The results obtained in the present study, besides confirming previous results have two additional important geotectonic implications.

(i) Our results suggest the presence of a thin crust (of the order of
22–28 km) throughout the whole Aegean sea area and not locally in
the southern Aegean sea between the volcanic arc and Crete, where
previous work (e.g. Makris 1976) has shown the presence of a very
thin crust using different methods (e.g. refraction data). We should
point out that the lack of permanent recording stations in central
and northern Aegean have prohibited in the past the identification of
this crustal thinning by standard tomographic methods. Only gravity
data (Papazachos 1994; Tsokas & Hansen 1997) have indicated the

presence of a thin crust ranging from 25 to 30 km throughout the
whole Aegean sea.
(ii) Upper-mantle velocities for S waves in the southern Aegean
drop to very low velocities just below the Moho within the mantle
wedge, reaching 3.7–3.8 km s−1 with local extremes at 3.6 km s−1 ,
corresponding to mantle velocity anomalies of 10 per cent and locally of 14 per cent. Such very low S-wave mantle-wedge velocities
have not been computed before because no detailed regional surface
wave tomographic results have been presented earlier, while very
few results using S-wave traveltime tomography exist. Papazachos
& Nolet (1997) showed low S velocities up to ∼ 4–5 per cent (locally
∼ 6 per cent), probably resulting from the P–S coupling imposed by
the Poisson-ratio damping they used. These very low S-wave velocities, in combination with the well-known, from P-wave tomography (Spakman 1986; Spakman et al. 1988; Papazachos et al. 1995;
Papazachos & Nolet 1997; Tiberi et al. 2000), P-velocity anomalies
(upper-mantle velocity anomalies of the order or 6 per cent), have
important implications on the geophysical conditions of the mantle
wedge.
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